ABSTRACT. The mass balance of polythermal ice masses is critically dependent on the proportion of surface-generated meltwater that subsequently refreezes in the snowpack and firn. In order to quantify this effect and to characterize its spatial variability, we measured near-surface (<10 m) snow and firn densities at an elevation of $ $1945 m a.s.l. in the percolation zone of the Greenland ice sheet in spring and autumn 2004. Results indicate that local snowpack depth above the previous end-of-summer 2003 melt surface increased by $5% % (7.6 cm) from spring to autumn while, over the same period, snowpack density increased by >26% %, resulting in a 32% % increase in net accumulation. This 'seasonal densification' increased at lower elevations, rising to 47% % 10 km closer to the ice-sheet margin at 1860 m a.s.l. Density/depth profiles from nine sites within 1 km 2 at $1945 m a.s.l. reveal complex stratigraphies that change over short spatial scales and seasonally. We conclude that estimates of massbalance change cannot be calculated solely from observed changes in surface elevation, but that nearsurface densification must also be considered. However, predicting spatial and temporal variations in densification may not be straightforward. Further, the development of complex firn-density profiles both masks discernible annual layers in the near-surface firn and ice stratigraphy and is likely to introduce error into radar-derived estimates of surface elevation.
INTRODUCTION
The future stability of the Greenland ice sheet is of fundamental importance to society: it is the biggest store of fresh water in the Northern Hemisphere, and any changes in mass balance will affect global sea levels and may influence the strength of the ocean thermohaline circulation (Rahmstorf and Ganopolski, 1999) and involve further Arctic climate feedbacks (Fichefet and others, 2003) . Further, it is well recognized that predicted global warming is likely to be greater in high latitudes, with warming over Greenland estimated to be up to three times the global average (Intergovernmental Panel on Climate Change, http://www. grida.no/climate/ipcc_tar/wgl/index.htm). Since current temperatures are already causing significant melting, particularly around the southerly margins of the Greenland ice sheet (Steffen and others, 2004) , future warming is likely to have an even greater effect on ice dynamics, surface melting and runoff. However, estimates of runoff from the ice sheet are currently limited by inadequate characterization of the extent of meltwater refreezing and superimposed ice formation (Pfeffer and others, 1991) .
While estimates of meltwater production from ice in the ablation zone are relatively well predicted by positivedegree-day models (Braithwaite and Olesen, 1989) , estimates of net runoff from the accumulation zone are very poor (Pfeffer and others, 1991) . The upper boundary of effective melt is known as the 'runoff limit'; above this altitude, any meltwater produced during the summer subsequently refreezes in the snowpack/firn. However, while the position of the runoff limit corresponds approximately to the boundary of the percolation/wet-snow facies identified by , the actual position of the runoff limit remains a 'source of substantial uncertainty' (Pfeffer and others, 1991) . Furthermore, the proportion of meltwater that actually runs off rather than refreezes in the wet snow zone is also highly uncertain. These uncertainties compromise estimates of current and future runoff from the Greenland ice sheet.
The European Space Agency's (ESA) CryoSat mission, due for relaunch in 2009, is set to observe the polar regions through satellite radar altimetry. Two of the key objectives of the mission are (1) to measure elevation changes over landbased ice masses, and (2) to interpret these changes in terms of mass loss or gain, thus improving our understanding of the response of the Earth's ice masses, and in particular the Greenland and Antarctic ice sheets, to climate change. Unfortunately, achieving these two objectives is especially difficult in the percolation zone of ice masses, as described in turn below.
1. Measurements of elevation change from satellite radar altimeters depend on accurate identification of radar reflections from the surface of the ice mass. However, the shape of the radar return wave is affected by reflections from internal structure of the near-surface snow and firn, termed volume backscatter (Ridley and Partington, 1988; Davis and Moore, 1993) . Summer melting and refreezing within the percolation zone of ice masses may create ice layers, lenses and pipes within the near-surface snow and firn that can result in intense volume backscatter (Thomas and others, 2001) , thereby generating ambiguous surface returns. Thus, temporal changes in the shape of the radar echo can result from seasonal variations in near-surface snow and firn density (Jezek and others, 1994; Scott and others, 2006b ). Determining spatial variability in the extent of the seasonal metamorphism of the near-surface stratigraphy caused by summer melting and refreezing is therefore an important component of efforts to discriminate between surface and volume radar returns. Thus, there is a need to isolate the factors that determine the shape of the echo return in order to reduce measured elevation errors for satellite applications. Pfeffer and Humphrey (1998) investigated ice-layer formation along a 40 km transect in the percolation zone of the Greenland ice sheet, and found that ice layers were more frequent at higher, colder sites, where infiltration was more limited, than at the lower, warmer sites. This suggests that volume backscatter will not automatically scale with increasing summer melt rate (and thus decreasing elevation) within the percolation zone. In addition, as well as ice-layer frequency, the precise position of ice layers within the snowpack is crucial to radar estimates of surface elevation since the nearer to the upper surface of the snowpack the ice layers form, the smaller the likely disparity between actual elevation and radar-derived elevation. However, predicting the precise location of a given ice layer may not be straightforward since it is governed by many factors, including local energy-balance conditions, driving melt and freezing processes, and the presence of hydraulic barriers inducing ponding of downward-percolating meltwaters (Wankiewicz, 1979; Pfeffer and others, 1990) . Pfeffer and Humphrey (1996) , in a further study of ice-layer formation in the percolation zone of the Tasersiaq ice cap, West Greenland, found the presence of fine-to-coarse grain stratigraphic boundaries provided a critical hydraulic barrier preventing downward percolation of meltwater and promoting the development of ice layers. Thus, overall snowpack stratigraphy, and spatial and temporal changes in its structure, will affect the contemporaneous and subsequent development of ice layers.
2. Interpreting changes in surface elevation in terms of change in mass is also complicated by surface melting and refreezing. In the most commonly anticipated scenario, surface melt, percolation and refreezing will cause a decrease in elevation but with no actual mass loss. In this case, the lost surface snow has been redistributed as ice layers in the near-surface layer whose bulk density has correspondingly increased (Braithwaite and others, 1994) . Similarly, elevation may also remain constant between two periods even though mass has increased due to the addition of rain or solid summer precipitation which has subsequently melted and percolated into the underlying snowpack before refreezing (again thereby increasing snowpack density but not surface elevation). Thus, accurate assessment of mass balance may be masked by refreezing processes whose remaining signature is a near-surface density change rather than a surface elevation change. Unfortunately, determining the influence of summer densification on accurate geodetic measurements of mass balance is currently severely limited in the percolation zone of ice sheets by inadequate characterization of the extent, intensity and processes of meltwater refreezing (Pfeffer and others, 1991) .
In this paper, we present field data from the percolation zone of the Greenland ice sheet in order to 1. Quantify the effect of the seasonal densification of nearsurface snow and firn on annual mass balance, and 2. Determine the seasonal and spatial changes in nearsurface stratigraphy caused by the processes of summer melting, percolation and refreezing.
FIELD SITES AND METHODS
Fieldwork was undertaken at $1945 m elevation in the percolation zone of the Greenland ice sheet in the region of T05 (69851 0 N, 47815 0 W) on the EGIG (Expéditions Glaciologiques Internationales au Groenland) line (Fig. 1) . In order to investigate variability in near-surface density and stratigraphy over a range of spatial scales from 10 0 to 10 3 m, snowpit and neutron-probe (N-probe) measurements were made at nine sites within 1 km of T05. Specifically, measurements were taken at T05, and then at 1 m, 10 m, 100 m and 1 km intervals along two transects from T05: transect E, aligned in an east-northeasterly direction along the EGIG line towards the centre of the ice sheet (measurement locations E1-E4); and transect S, aligned in a south-southeasterly direction perpendicular to the EGIG line (measurement locations S1-S4) (Fig. 2) . Additional measurements were made 10 km from T05 along the EGIG line towards the centre of the ice sheet at T06 (2020 m elevation) and towards the edge of the ice sheet at T04 (1860 m elevation) (Fig. 2) .
To determine the character of, and seasonal change in, the near-surface stratigraphy, measurements at each location were carried out during both spring (19 April-13 May) and autumn (28 August-21 September) of 2004. The spring data characterize the snow/firn before the summer melt, and the autumn data characterize the metamorphosed snow/ firn following summer melt, percolation and refreezing processes. At each of the 11 sites (Fig. 2) , the following measurements were made. 
Snow pits
In spring 2004, snow pits were dug at each site down to the surface layer demarcating the end of the 2003 summer. This layer was easily identified as a hard, icy and continuous layer located beneath the autumn hoar, and was used as a reference surface for the bottom of all snow pits. Once this layer was identified in spring, ablation stakes were emplaced and used as markers to ensure this same horizon was used as a common reference for any depth change identified upon remeasurement in the autumn.
Standard snow-pit stratigraphic procedures were followed (Colbeck and others, 1990) . The vertical pit face was 'cleaned' with a plastic brush to aid visual determination of the stratigraphic layers. The stratigraphic recognition of all individual layers was determined using a semiquantitative assessment of hardness (fist, finger, pencil or knife) carried out at 10 mm intervals down each profile. Once identified, each layer's thickness, grain size and crystal type were logged. Density measurements were taken from each layer using one of three tubes of differing diameter. The largest tube that could be pushed into an individual stratigraphic layer was used to extract a known volume of snow (57, 161 or 227 cm 3 ) which was then weighed using a Newton balance to obtain density. Repeat measurements from stratigraphic layers were taken and averaged, and variability was found to be 2-3% for the large and medium-sized tubes, and 17% for the small tube. Ice layers, lenses and pipes were also recorded in the stratigraphy. These ice features were allocated a density of 0.8 g cm -3 since it was not possible to measure their density directly in the field and the ice was often observed to contain bubbles.
Neutron-probe density profiling
Density profiles were also measured at each site using an N-probe (Morris and Cooper, 2003) . The N-probe has a source of fast neutrons which lose energy by scattering when they interact with hydrogen atoms in the snow or ice. The density of the snow or ice is related to the number of slow neutrons returning to the probe detector (Morris and Cooper, 2003) . Boreholes of $50 mm diameter were augered to depths of 6-10 m, and the N-probe was lowered manually to the bottom of the borehole. The N-probe was raised to the surface at the slowest possible speed ($50 mm min -1 , selected to maximize vertical resolution) by an electric winch, and the winch and data retrieval were controlled by a GeoVista Platform Logger and laptop computer located at the surface. The N-probe logged the slow neutron count rate as a function of depth below surface at 10 mm intervals. The depth/count-rate profile was subsequently converted to a density profile using calibration equations (Morris and Cooper, 2003) to produce records of bulk density as a function of depth.
Firn-core measurements
At T04, the autumn snowpack was extremely hard, preventing insertion of the plastic density tubes. Density measurements were therefore taken from a shallow core extracted using a 'Kovacs' corer (diameter 70 mm) adjacent to the autumn snow pit. The core was cut into stratigraphic layers identified visually, and the length and width of each cylindrical section were measured and weighed on a triplebeam balance to calculate density. The end-of-summer 2003 layer had been identified from the snow pit in spring 2004, and, using an ablation stake, the core depth corresponding to accumulation during 2004 was known.
A 17 m long firn core was retrieved in spring 2004 from the bottom of the snow pit at E3 (Fig. 2) to obtain a longer time series of density measurements. This was shipped back to the UK where the core was cut into 0.1 m long cylindrical sections in a cold room at -208C. Core section dimensions were measured using a caliper, and their mass was measured using an electric balance (AE0.01 g).
RESULTS

Snowpack depth, density and accumulation
The mean snowpack depth at the nine sites located within 1 km of T05 was 143.2 cm (standard deviation (s.d.) 4.0 cm) in spring and 150.8 cm (s.d. 11.7) in autumn, yielding a mean summer increase in pit depth of 5.3% (Fig. 3a) . The average density of the snowpack increased at all snow pits between spring and autumn (Fig. 3b) . The mean snowpack density of all sites was 0.42 g cm -3 (s.d. 0.02) in spring and 0.53 g cm -3 (s.d. 0.04) in autumn, yielding a mean summer increase in density of 26.2%. The average snow-pit accumulation expressed as a depth of water equivalent (w.e.) therefore increased from 60.5 cm (s.d. 3.4) in the spring to 79.6 cm (s.d. 5.5) in the autumn, an increase of 31.6% (Fig. 3c) .
At T04 the depth to the end-of-summer 2003 layer was 112 cm in spring, and this increased by 4.5% to 117 cm in the autumn (Fig. 4a) . Over the same time period the density increased by 47.4% from 0.38 g cm -3 to 0.56 g cm -3 , resulting in a net increase in accumulation over the period of 55.5%, rising from 42.0 cm w.e. in spring to 65.3 cm w.e. in autumn.
At T06, the depth to the end-of-summer 2003 layer increased from 130 cm in the spring to 141 cm in the autumn, an increase of 8.5% (Fig. 4b) . The average pit density increased by 22.0% from 0.41 g cm -3 to 0.50 g cm -3 , corresponding to a 33.5% increase in accumulation from 53.2 cm w.e. to 71.0 cm w.e. 
Temporal and spatial variability in density-depth profiles
It is clear from Figure 3b that there are distinct variations in mean density between the spring and autumn snowpacks. Plots of density with depth at individual snow pits demonstrate this seasonal variability in more detail. Density profiles for spring and autumn from three faces within a 1 m 2 snow pit are plotted against each other for T05, E1 and S1 (Fig. 5 ). Figure 5 clearly shows that autumn densities are both generally higher and characterized by more extreme variations in density due to the presence of ice layers relative to the spring snowpack. This variability is replicated as the distance between snow pits increases up to length scales of 1 km (Fig. 6) . However, density stratification is also locally highly variable, and spatially consistent ice layers are rarely present, even at length scales as short as 1 m (Figs 5 and 6 ).
Density profiles derived from the N-probe at sites T05 and E1 are shown for spring and autumn 2004 (Fig. 7) . It is clear from this record of bulk density that the N-probe is detecting the seasonal densification in the snowpack above $1.5 m depth. However, it is also clear that, while density fluctuations are apparent throughout the N-probe record, there is no obvious annual signal which can be detected with any confidence. The density profile from the 17 m long core (Fig. 8 ) retrieved from E3 in autumn 2004 also shows substantial density variations. However, as with the N-probe profiles, the density changes cannot be obviously associated with an annual signal.
Ice-layer concentration and location
At the nine snow pits in the vicinity of T05 in autumn, the total number of ice layers in each pit of thickness !1 cm varies between one and six (mean ¼ 3.1), while the combined ice thickness in each pit varies between 2.0 and 9.2 cm w.e. (mean ¼ 6.1 cm, s.d. 2.6 cm). This accounts for 3.0-10.9% (mean ¼ 7.5%) of the total annual accumulation. Similar values are obtained from T06, where two ice layers totalled 6.4 cm w.e., representing 9.0% of the annual accumulation. In contrast, T04 is characterized by a substantially greater proportion of ice, yielding five ice layers (totalling 15.6 cm w.e.) which accounted for 23.9% of the annual accumulation. The distribution of ice layers in the autumn snowpack at the nine T05 sites does not reveal any clear depth of preferential formation, with layers being well distributed throughout the snowpack (Fig. 9) . At T04 and T06, ice formation is concentrated at the base of the snowpack, with 75% of the ice present in the lowermost 10% of the snowpack at T06, and 82% of the ice present in the lowermost 30% at T04 (Fig. 9) . However, it is clear from the variability in ice distribution at the nine T05 sites (Fig. 9) that results from single pits at T05 and T06 may not be representative of those general areas. Thus, the available data do not suggest any obvious trend in the location of icelayer formation along the 20 km transect studied (Fig. 9) . The locations of the 34 ice layers from all 11 snow pits are also not correlated with any particular stratigraphic boundary: 26% of layers are located on (downwards) fine-to-coarse snow grain transitions, 18% on (downwards) coarse-to-fine grain transitions, and the remaining 56% occur where there is no apparent change in grain size. However, transitions where there is no apparent change in grain size probably result from thin wind crusts which will not be visually obvious in the metamorphosed autumn snowpack.
DISCUSSION
Snowpack investigations in 2004 at nine sites within 1 km of T05 demonstrate that, while there was a 7.6 cm (5.3%) increase in average snowpack thickness between spring and autumn ( Fig. 3a) , there was a substantial (26.2%) increase in mean snowpack density over the same period (Fig. 3b) . Similar changes were observed at T06, located 10 km up-ice from T05, where snowpack thickness and density increased by 8.5% and 22.0% respectively. In contrast, observations 10 km down-ice at T04 revealed a 4.5% increase in snowpack thickness and a 47.4% increase in density. These density increases result primarily from surface melting, meltwater percolation and subsequent refreezing at depth within the surface snowpack. The fact that densities increased substantially without any decrease in snow depth results from additional mass inputs as summer precipitation in the form of snow or rain. In addition, snow compaction during warmer summer temperatures also contributes to increased densities. The more pronounced densification at T04 is an expected consequence of the higher melt rates at lower elevations (Braithwaite and others, 1994) .
The consequence of the melt, percolation and refreezing processes is a complex end-of-summer snowpack containing numerous individual ice layers or lenses located at different depths (Figs 5, 6 and 9) . These ice inclusions are rarely spatially continuous, even at short length scales of <1 m (Fig. 5) , contrasting with the findings of Pfeffer and Humphrey (1996) at the Tasersiaq ice cap where the overall pattern of stratigraphy was easily traceable from one pit to another. The difference between that study and ours likely reflects the complex stratigraphically controlled snowpack permeability (Wankiewicz, 1979) at T05, resulting from the presence of sastrugi and buried wind crusts in this zone of persistent katabatics (Steffen and Box, 2001 ). These wind crusts, which are often observable in the snow pits as 1-2 mm thick ice layers, act as hydraulic barriers to the downward percolation of meltwater. This effect is consistent, with almost one in five (18%) of the ice layers in our study being associated with coarse-to-fine grain boundaries, and 56% of layers being unassociated with any visible transition, while ice layers in Pfeffer and Humphrey's (1996) study were overwhelmingly associated with (downward) fine-to-coarse grain boundaries.
While the ice layers identified in our study are rarely spatially continuous, their presence (and the overall increase in near-surface density they create) will result in very different radar echo returns between spring and autumn, with a resultant effect on radar 'estimates' of elevation (Jezek and others, 1994; Scott and others, 2006a) . This impact will have a seasonal pattern because the end-of-summer layers are progressively buried during the winter by the lowerdensity winter snowpack. Work is currently ongoing to determine precisely how these seasonal changes will influence elevation estimates derived from radar altimeters. The considerable change in snowpack density between seasons (Fig. 3b ) also ensures that, even if surface elevation changes only slightly (Fig. 3a) , the actual mass change may be considerable. Thus, in areas such as the percolation zone, where the snowpack shows substantial seasonal changes in density, mass-balance estimates cannot be simply based on measured changes in surface elevation.
Our findings do not replicate those of Pfeffer and Humphrey (1998) who found an increase in the incidence of internal ice layers at colder sites located higher in the percolation zone. However, our 20 km long snow-pit transect, which showed no discernible pattern in ice-layer concentration and location, was only half the length of that investigated by Pfeffer and Humphrey (1998) . It could well be that significant spatial changes in ice-layer prevalence and distribution may be identified upon extending our transect in future studies.
At T05, the average annual accumulation between end of summer 2003 and end of summer 2004 was 79.6 cm w.e., with 31.6% of this value accumulated in summer 2004. This mean accumulation is 22-115% higher than measurements in the vicinity of T05 from 27 of the years between 1950 and 1988 and 52% higher than the mean accumulation rate of 52.2 cm w.e. during these 27 years ( Fig. 10a) Anklin and others, 1994 (Steffen and others, 1996; Steffen and Box, 2001 ). These data reveal that average annual accumulated snow/ firn in eight of the years between 1995 and 2004 is 1.09 m and that the interannual variability in this rate is high (Fig. 10b) , characterized by a coefficient of variation of 38%. The annual (2003/04) accumulated snow depth of 1.41 m measured at T06 in the present study is considerably higher than the 1.06 m accumulation over the same period at Crawford Point. Thus, both the high interannual variability in accumulation measured at Crawford Point and the difference in accumulation between Crawford Point and T06 in 2003/04 emphasize that any single annual measurement of accumulation is inadequate for investigating rates of long-term change on the basis of comparisons with data from earlier years. Additional measurements of snow accumulation in the vicinity of T05 in 2004 using airborne radar and laser altimetry indicate that snow-depth distribution is bimodal, with accumulation on low-gradient plateaus (such as T05) averaging 0.2 m deeper than on more steeply sloping terrain (Helm and others, 2007) . Thus, a longer time series is needed to provide better grounds for comparison between our 2004 observations and earlier historical records.
Efforts to obtain a longer time series in mass balance using a down-borehole N-probe to detect annual density variations proved unsuccessful (Fig. 7) . This method has been used at higher elevations in the dry snow zone of the Greenland ice sheet to detect annual layers from cyclic changes in the density profile (Hawley and others, 2006) . However, while distinct density fluctuations are apparent in the N-probe record at T05, there is no obvious annual signal which can be detected with any confidence. This may reflect the way in which the N-probe averages density, thereby losing detail at a resolution of centimetres to millimetres. However, it is also likely, that the complex patterns of melt and refreezing that are prevalent in the vicinity of T05 in the percolation zone preclude the use of density fluctuations for extending annual mass-balance time series. Density variations in the 17 m long firn core retrieved from site E3 (Fig. 2) in spring 2004 also appear incapable of resolving annual layers (Fig. 8) . In order to extend the recent annual mass-balance record at T05, we are currently carrying out isotopic and ionic analysis, as used successfully by Fischer and others (1995) to resolve annual layers in the 17 m long core. 
CONCLUSIONS
Measurements of snowpack structure, made before and after summer melting, were carried out in the percolation zone of the Greenland ice sheet in spring and autumn 2004. These were made along two 1 km long transects from T05, as well as at single locations at T06 and T04, respectively located 10 km up-ice and down-ice from T05 along the EGIG line (Fig. 2) .
Results show that small increases in snowpack depth were observed between spring and autumn 2004 within the percolation zone (increases of 4.5%, 5.3% and 8.5% at T04, T05 and T06 respectively). However, mean snowpack densities increased significantly over this period (increases of 47.4%, 26.2% and 22.0% at T04, T05 and T06 respectively) and included the creation of numerous ice layers (Figs 5, 6 and 9) . Densification results from several processes, including: warming of the snowpack before the onset of melt; additional summer mass inputs in the form of solid and liquid precipitation; surface melting; meltwater percolation; subsequent refreezing at depth within the snowpack; and snow compaction during warmer summer temperatures. The more pronounced densification with decreasing elevation from T06 to T04 is an expected consequence of the higher melt rates at lower elevation (Braithwaite and others, 1994) .
The considerable change in snowpack density between seasons (Fig. 3b) indicates that significant changes in mass can occur in this zone with only very limited changes in surface elevation. For example, at T05 the 5.3% increase in snow depth reflected a 31.6% increase in net accumulation. Thus, in areas such as the percolation zone, where the snowpack shows substantial seasonal changes in density, mass-balance estimates should not be based solely on observed changes in surface elevation.
Density/depth profiles from nine sites within 1 km 2 around T05 reveal that the snowpack in this region has a highly variable density stratigraphy, and that this stratigraphy changes over short temporal and spatial scales. Ice layers are rarely spatially continuous at length scales > $1 m (Figs 5 and 6), and this complexity may be partly responsible for prohibiting clear identification of annual layers in deeper core and N-probe depth-density profiles. Ice layers and lenses formed within the near-surface snowpack contribute markedly to the overall increase in near-surface density, and these will result in very different radar echo returns between spring and autumn. Unless this seasonal effect is accounted for, it may contribute to ambiguous radar 'estimates' of surface elevation (Jezek and others, 1994; Scott and others, 2006a, b) . The depth of discontinuous ice layers in the autumn snowpack shows no systematic relationship with boundaries defined by grain-size change, as described by Pfeffer and Humphrey (1996) . Instead, we believe the precise depths of ice inclusions in this area of the Greenland ice sheet may often be controlled by the formation and burial of sastrugi and wind crusts that are prevalent within the spring snowpack in this region. Also, we measured no discernible increase in internal ice layers at higher colder sites in the percolation zone, as reported by Pfeffer and Humphrey (1998) , although a longer transect would be needed to test this hypothesis effectively.
